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Abstract We deployed four Bio-Argo proﬁling ﬂoats in various oligotrophic locations of the Paciﬁc subtropical
gyres and Mediterranean Sea to address the seasonal phytoplankton dynamics in the euphotic layer and
explore its dependence on light regime dynamics. Results show that there is a similar phytoplankton biomass
seasonal pattern in the four observed oceanic regions. In the lower part of the euphotic layer, the seasonal
displacement of the deep chlorophyll maximum (DCM) is light driven. During winter, the chlorophyll a
concentration ([Chl a]) always increases in the upper euphotic mixed layer. This increase always results
from a photoacclimation to the reduced irradiance. Depending on the location, however, the concentration
can also be associated with an actual increase in biomass. The winter increase in [Chl a] results in an
increase in irradiance attenuation that impacts the position of the isolume (level where the daily integrated
photon ﬂux is constant) and DCM, which becomes shallower. In summer when the [Chl a] in the upper layer
decreases along with light attenuation, the DCM deepens and becomes closer to (and sometimes reaches)
the nitracline, which enhances the phytoplankton biomass at the DCM. The bio-optical mechanisms and
their relationship to light regimes that are revealed by the time series appear to be generic and potentially
characteristic of all of the areas where a DCM forms, which is 50% of the open ocean.
1. Introduction
Oligotrophic regions are deﬁned as areas of the global ocean where the surface chlorophyll a concentration
([Chl a]) is lower than 0.1 mg m3 [Antoine et al., 1996]. Usually, the vertical distribution of [Chl a] is not
homogeneous in these areas and displays a pronounced maximum close to the base of the euphotic zone,
which is called the deep chlorophyll maximum (DCM) with depths that range between 50 and 200 m [Mignot
et al., 2011]. The oligotrophic regions represent the largest oceanic ecosystem in the ocean and occupy 50%
of the ocean surface (DCM depth > 50 m in Figure 1). They are mainly formed by the ﬁve subtropical gyres
of the Atlantic, Paciﬁc, and Indian Basins as well as certain zones of the Mediterranean Sea. The nutrient supply
to the euphotic zone in these oligotrophic regions is minimal, so the phytoplankton biomass and primary
production are low throughout the year. Nevertheless, the size of these regions makes their contribution to the
global ocean primary production potentially signiﬁcant.
Because of an increase in their vertical stratiﬁcation, oligotrophic regions are also considered to be expanding
and intensifying while their productivity, as well as their Chl a content, is expected to decline [Sarmiento et al.,
2004; Behrenfeld et al., 2006; Polovina et al., 2008]. Despite their potential inﬂuence on the global ocean
carbon cycle, there are large unknowns and uncertainties regarding the dynamics of phytoplankton biomass and
associated carbon ﬂuxes as well as the factors driving these dynamics in oligotrophic regions; the uncertainties
partially result from the remoteness of these regions. Hence, our present understanding essentially relies on
(1) remote sensing observations that are restricted to the upper ocean layer [McClain et al., 2004; D’Ortenzio and
d’ Alcala, 2009; Morel et al., 2010], (2) several ship-based investigations (e.g., BIogeochemistry and Optics SOuth
Paciﬁc Experiment cruise [Claustre et al., 2008]), and (3) observation time series (e.g., Hawaii Ocean Time-Series
(HOT) program [Karl and Lukas, 1996]). Additional investigations dedicated to the understanding of the variability
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in phytoplankton dynamics over
seasonal, interannual, and even longer
time scales are required as a preliminary
step toward the future assessment of
the possible inﬂuences of changing
environments on the productivity of
oligotrophic oceanic regions.
Within oligotrophic oceans, the
stratiﬁcation of the water column
generally prevents nutrient injections
from deeper waters into the
euphotic zone [Karl, 1999; McClain et al.,
Figure 1. Annual average depth of the DCM (ZDCM) for 2012. The map was
2004], even during winter when the
produced from the annual average sea surface [Chl a] ([Chl]surf ) derived
from MODIS using the following equation: log10(ZDCM) = 1.429  0.314 
deepening of the mixed layer appears
2 2
log10([Chl]surf ) + 0.099  log10([Chl]surf ) (r = 0.84, n = 319) This relationship
insufﬁcient to reach and erode the
has been established using a data set that includes Chl a ﬂuorescence and
nitracline (except for the western basin
accurate estimation of [Chl a] by high-performance liquid chromatography
of the Mediterranean Sea [Marty et al.,
[Mignot et al., 2011].
2002] and western region of the North
Atlantic subtropical gyre [Michaels and Knap, 1996]). As a result, this quasi-permanent stratiﬁcation delineates
two production regimes along the vertical dimension. In the upper part of the euphotic zone, phytoplankton
production is quasi-permanently nutrient limited. Additionally, the deepening of the mixed layer during
winter, even if insufﬁcient for bringing up nutrients, could potentially be responsible for a signiﬁcant light
limitation in phytoplankton communities [Winn et al., 1995]. In the lower part of the euphotic zone and below,
phytoplankton are always light limited and beneﬁts from new nutrient injections, either through diffusion
[Lewis et al., 1986] or mesoscale processes such as cyclonic eddies [Seki et al., 2001]. This division between the
upper and lower parts is consistent with the two-layered euphotic zone conceptual model of the North Paciﬁc
oligotrophic gyre that resulted from the Vertical Transport and Exchange project time series study [Coale
and Bruland, 1987]. It is also consistent with historical observations in the North Paciﬁc that established the
presence of distinct phytoplankton assemblages in the upper and lower euphotic zones [Venrick, 1988].
Satellite ocean color as well as in situ studies revealed a common seasonal pattern in the upper euphotic zone of
the oligotrophic ocean. The [Chl a] increases every winter and decreases in summer. The cause of the winter
increase is still a matter of debate. The [Chl a] increase might reﬂect a real increase in phytoplankton (carbon)
biomass resulting from new nutrient availability that results from nitracline erosion [Letelier et al., 1993; Morel
et al., 2010]. However, the [Chl a] increase might also result from phytoplankton photoacclimation processes in
response to severe light limitation when phytoplankton are mixed from the surface to the base of the mixed layer
[Letelier et al., 1993; Winn et al., 1995]. These two processes are not necessarily exclusive because they could
simultaneously contribute to the increase in [Chl a] observed in winter. The lack of consensus partly results from
the lack of appropriate in situ measurements (other than [Chl a]) of the phytoplankton biomass [Letelier et al.,
1993; Morel et al., 2010]. One of the main objectives of this paper is to address and solve this issue.
Far from the surface layer “seen” by a satellite, the seasonal variability of phytoplankton in the lower part of the
euphotic zone is even less understood. In this layer, the phytoplankton vertical distribution is characterized by
a DCM, which is a typical feature of stratiﬁed open oceans. Since the seminal paper of Cullen [1982], the
mechanisms of its formation and maintenance have been largely debated [Kitchen and Zaneveld, 1990; Estrada
et al., 1993; Maranon et al., 2000; Fennel and Boss, 2003]. Theoretical studies appear to converge toward a
general concept. The DCM may result from phytoplankton living in a contrasted gradient of two essential
resources in a stratiﬁed water column, which include photon ﬂux supplied from the surface and nutrients
usually supplied from depths. The DCM may form independently of a maximum of phytoplankton carbon
biomass (deep biomass maximum, DBM) because the ratio of Chl a concentration to phytoplankton carbon
biomass increases with the acclimation of cells to reduced light.
To our knowledge, the study of Letelier et al. [2004] (LTL04) is the only study that has considered the seasonal
dynamics of the DCM. Based on the analysis of monthly in situ proﬁles of downwelling irradiance, nutrients
and [Chl a] at the A Long-term Oligotrophic Habitat Assessment (ALOHA) station (HOT program, North Paciﬁc
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Gyre), this study showed that the DCM dynamics are essentially irradiance driven. The DCM is systematically
located at the level of a given isolume (the level where the daily integrated photon ﬂux is constant) all year
long. These isolumes and the DCM are deeper during summer than winter because of the combined increase of
surface irradiance and decrease of light attenuation in the upper layer. The deepening of the DCM during
summer is also associated with an increase in [Chl a] at the DCM, which is concomitant with the removal of
inorganic nitrogen in the lower part of the euphotic zone and supports the hypothesis of an increase in
photoautotrophic biomass production. Whether or not the concept of LTL04 can be extended to other
oligotrophic regions of the global ocean remains to be investigated.
Therefore, a crucial need exists for repetitive in situ biogeochemical and bio-optical measurements to
determine the seasonality of phytoplankton dynamics in the lower layer of the euphotic zone in oligotrophic
oceans and better understand its role in controlling new nutrients that are trapped in this rather unknown
layer. Such an understanding constitutes a prerequisite to addressing the possible inﬂuence of climate
change in these regions. Nevertheless, as a result of the remoteness of the oligotrophic regions (primarily the
central part of ocean basins), repetitive in situ measurements are costly and logistically demanding through
classical sampling strategies (e.g., oceanographic cruises).
In the late 1990s, the physical oceanographic community promoted and then implemented the Argo program
[Roemmich et al., 1999]. Its aim was to develop an array (~3000) of vertical proﬁling ﬂoats to measure the
temperature and salinity of the upper 1000 to 2000 m of the water column over the entire global ocean.
Recently, miniaturized bio-optical sensors have been implemented on such proﬁling ﬂoats that offer new
observational capabilities of key biogeochemical variables [Johnson et al., 2010; Xing et al., 2011] at temporal
scales that have been poorly resolved (e.g., seasonal and interannual) and in areas too remote for intensive
investigations over long-term periods by ship-based platforms. We have developed Bio-Argo proﬁling ﬂoats
that carry traditional conductivity, temperature, depth (CTD) sensors along with an array of optical sensors, such
as a Chl a ﬂuorometer, colored dissolved organic matter (CDOM) ﬂuorometer, beam transmissometer that
measures the particle attenuation coefﬁcient, backscatterometer that measures the particle backscattering
coefﬁcient, and radiometer that measures downwelling irradiance. These ﬂoats are programmed to sample the
euphotic zone and below at a relatively high frequency (every 5 or 10 days) and over at least 1 year.
In 2008, four Bio-Argo proﬁling ﬂoats were deployed: one in the vicinity of Hawaiian Islands in the North
Paciﬁc Subtropical Gyre (NPSG), one in the vicinity of Easter Island in the South Paciﬁc Subtropical Gyre
(SPSG), one in the Levantine Sea (LS), and one in the northwestern Mediterranean Sea (NWMS) (Figure 1). The
NPSG and SPSG are oligotrophic environments in a strict sense. However, the generally admitted oligotrophic
status of the Mediterranean Sea [McGill, 1969; Dugdale and Wilkerson, 1988] might be challenged at the
seasonal scale, especially alongshore and in some northwestern zones [Bosc et al., 2004; D’Ortenzio and d’
Alcala, 2009]. Therefore, the present investigation potentially covers a wide range of permanent as well as
intermittent oligotrophic environments.
The general objective of the present study is to perform a comparative investigation of the seasonal
dynamics in the vertical distribution of the phytoplankton biomass in these distinct oligotrophic
environments using these “long” time series of physical and bio-optical parameters. Within this general
objective, three main topics are addressed: (1) we investigate to what degree the increase of recurrent
surface [Chl a] during winter (as seen from satellite remote sensing) results from a true biomass increase
versus a photoacclimation “artifact”; (2) we then evaluate if the conceptual scheme of LTL04 for the DCM
seasonal dynamics (depth and magnitude) at the ALOHA station can be applied to other oligotrophic
environments; and (3) we ﬁnally analyze what type of functional links exists between the upper (upper euphotic
mixed) and lower (lower euphotic-DCM) layers of the euphotic zone of such systems and determine their
evolution at the seasonal scale.

2. Methods
2.1. Bio-Argo Float
The PROVOR (NKE) is one of the proﬁling ﬂoats used as a part of the Argo program. It is traditionally equipped
with a Sea-Bird Electronics SBE41CP CTD and is capable of acquiring measurements from 1000 m up to
the surface every 10 days for a period of ~3 years. Once the ﬂoat surfaces, data are transmitted in real time
MIGNOT ET AL.
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Table 1. Symbols Used in This Study
Symbol

Deﬁnition

Units

MLD
Zpd
ZDCM
[Chl a]
[Chl]surf

mixed layer depth
ﬁrst penetration depth
depth of the DCM
chlorophyll a concentration
median of [Chl a] in the ﬁrst
penetration depth
[Chl a] concentration at the DCM
beam attenuation coefﬁcient at
660 nm
median of cp in the ﬁrst
penetration depth
cp at the DCM
ratio of cp to [Chl a]
median of cp* in ﬁrst
penetration depth
cp* at the DCM
particulate backscattering
coefﬁcient at 532 nm
median of bbp in ﬁrst
penetration depth
bbp at the DCM
ratio of bbp to [Chl a]
median of bbp* in ﬁrst
penetration depth
bbp* at the DCM
photosynthetically
available radiation
PAR under the sea surface
average value of the integral of
the PAR(z) proﬁle over
the mixed layer
PAR at the DCM
diffuse attenuation
coefﬁcient of PAR

m
m
m
3
mg m
3
mg m

[Chl]DCM
cp
cpsurf
cpDCM
cp*
cpsurf*
cpDCM*
bbp
bbpsurf
bbpDCM
bbp*
bbpsurf*
bbpDCM*
PAR


PAR(0 )
PARML

3

mg m
1
m
1

m

1

m
1
m mg
2
1
m mg
2

1

2

m mg
1
m
1

m

1

m
2
1
m mg
2
1
m mg
2

1

m mg
2 1
mol quanta m d
2 1

mol quanta m d
2 1
mol quanta m d

through Argos telemetry. The PROVBIO
ﬂoat is an improved version of the
PROVOR ﬂoat dedicated to bio-optical
and biogeochemical studies through the
integration of a suite of additional optical
sensors: WET Labs C-Rover
transmissometer at 660 nm; Satlantic
OC4 Radiometer measuring downwelling
irradiance at 412, 490, and 555 nm; and
WET Labs Environmental
Characterization Optics triplet puck
composed of a Chl a ﬂuorometer
(excitation at 470; emission at 695 nm),
CDOM ﬂuorometer (excitation at 370;
emission at 460 nm), and backscattering
sensor at 532 nm. The diversity of
measurements performed by the
PROVBIO ﬂoat together with the 1 m
vertical resolution imposes to replace
Argos with Iridium telemetry (which has a
higher band pass). Iridium also offers
the capability of modifying the ﬂoat
mission parameters, such as the sampling
strategy, in quasi real time.
2.2. Float Deployments and Mission

Since 2008, eight PROVBIO ﬂoats have
been deployed and collected data over
2 1
a time period of approximately 2 years
PARDCM
mol quanta m d
1
Kd(PAR)
m
(see Table 1 in Xing et al. [2011]). As part
of this study, we used four of these
ﬂoats deployed in four different oceanic
regions (Figure 2). Two ﬂoats were deployed in the Mediterranean Sea in the northwestern basin and
eastern Levantine Basin (Figures 2b and 2d show ﬂoats that denoted NWMS and LS, respectively). One ﬂoat
was located north of Hawaii (Figure 2a; NPSG) in the eastern sector of the North Paciﬁc Subtropical Gyre.
The fourth ﬂoat sampled the waters surrounding Easter Island within the hyperoligotrophic South Paciﬁc
Subtropical Gyre (Figure 2c; SPSG).
The nominal mission of these ﬂoats included the acquisition of a CTD proﬁle from a depth of 1000 m up to the
surface, whereas the bio-optical sensors acquired data from approximately 400 m up to the surface. The
optical sampling resolution was 1 m. The CTD sampling resolution was 3 m from the surface to 400 m and
25 m from 400 m to 1000 m. The upward casts of the NWMS and LS ﬂoats were programmed every 5 days,
whereas the upward casts of the NSPSG and NPSG ﬂoats were programmed every 10 days. In some occasions,
three casts per day were programmed (sunrise, noon, and sunset) to address short-term variability and
biogeochemical ﬂuxes. Here only noon casts are analyzed. All of the ﬂoats acquired data for more than 1 year.
In this study, we present and analyze a continuous 1 year time series for each ﬂoat.
2.3. Processing Raw Data
The CTD data were quality controlled by the standard Argo protocol [Wong et al., 2010].
After the dark counts were subtracted from the raw signal, the Chl a ﬂuorescence was ﬁrst converted into Chl a
concentration through the scale factor provided by the manufacturer. This scale factor (in units of mg m3 counts1)
resulted from a calibration based on Thalassiosira weissﬂogii cultures. The resulting [Chl a] proﬁles were subsequently
cleaned of spikes and out-of-range values through a real-time dedicated quality control procedure
[International Ocean Colour Coordinating Group, 2011].
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Figure 2. Trajectory of the four ﬂoats used in this study as a function of date (color coded). The dots represent the location
of the sampling (optical and CTD) proﬁles used in this study.

The beam transmission, T (%), was transformed into the beam attenuation coefﬁcient, c (m1), using the
following relationship:
c¼

1
T
ln
x 100

(1)

where x is the transmissometer path length (25 cm). The beam attenuation coefﬁcient c corresponds to the
sum of the attenuation coefﬁcients of seawater (0.364 m1 at 660 nm), CDOM (negligible at this wavelength
in oligotrophic waters [Bricaud et al., 1981]), and particles. At 660 nm, the particle beam attenuation
coefﬁcient, cp (m1), is retrieved by subtracting the water contribution to c; cp is assumed to be a proxy of
particle mass concentration.
The backscattering sensor carried by the PROVBIO ﬂoat provides the volume scattering function of
particles at an angle of 117° and wavelength of 532 nm (β(117°, 532)). The β(117°, 532) represents the sum
of the particle scattering plus the water molecular scattering. To retrieve the volume scattering function
of particles βp(117°, 532), the volume scattering function of water βw(117°, 532) (with βw(117°, 532)
obtained according to the relationship in Morel [1974]) is subtracted from β(117°, 532). The particulate
backscattering coefﬁcient, bbp(532) (m1), is determined by estimating the sole measurement of βp(117°, 532)
using an X factor:
bbp ð532Þ ¼ 2πXβp ð117°; 532Þ

(2)

The X factor has been determined by Boss and Pegau [2001] to be 1.1 at any wavelength. Hereafter, bbp(532)
will be denoted as bbp.
Finally, the optical proﬁles were visually inspected on a case-by-case basis. They were deemed inappropriate
and thus omitted from further analysis if the shape of the vertical proﬁle was suspicious (i.e., deep values
greater than surface values).
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2.4. From Optical Measurements to Biogeochemical Data
Factory calibration of the Chl a ﬂuorometer based on the use of phytoplankton culture only produces a crude
estimation of the Chl a concentration. The Chl a concentration-ﬂuorescence relationship depends on the
taxonomic composition and physiological status of natural phytoplankton populations that are obviously not
accounted for through culture-based calibrations. When possible, alternative methods should be used to
retrieve more accurate Chl a concentrations. A new method was recently developed that makes use of
simultaneous measurements of ﬂuorescence and downward irradiance proﬁles at 490 nm [Xing et al., 2011].
This method allows for a more accurate retrieval of Chl a concentrations than the factory-based calibration
and simultaneously provides a noise-free (cloudless) radiometric proﬁle. The method of Xing et al. [2011]
was applied to the time series of ﬂoat measurements at noon to retrieve the scaling factor required for
the calibration of the ﬂuorometer. For each ﬂoat, the raw ﬂuorescence proﬁles were then calibrated to
[Chl a] using the mean scaling factor of the time series.
As a result of the vertical position of the transmissometer, sinking material progressively accumulates on the
detection window over time [Bishop and Wood, 2009]. To account for the drift of cp that results from this
accumulation, cp was corrected assuming that cp equals zero at ~350 m [Loisel and Morel, 1998; Claustre et al.,
1999]. Therefore, the median of the last 10 deepest measurements was subtracted from each value of the proﬁle.
Particles in the 0.5–20 μm size range make a dominant contribution to the cp signal [Morel, 1973; Stramski and
Kiefer, 1991; Durand and Olson, 1996]. This range encompasses phytoplankton, heterotrophs, as well as detrital
and inorganic particles. The cp value was usually related to particulate organic carbon (POC) concentration
through a linear relationship [Gardner et al., 1993; Loisel and Morel, 1998; Claustre et al., 1999]. However, the
cp-POC relationship is not universal, and regional differences have been reported in previous studies [Fennel
and Boss, 2003]. These differences also raised controversies regarding their real or methodological origins
[Bishop, 1999; Gardner et al., 2006; Cetinic et al., 2012]. Here the conversion of cp into POC could be critical when
comparing absolute values between the four oceanic regions. Behrenfeld and Boss [2003] argued that cp would
be a better proxy for phytoplankton biomass than for POC. Other studies also support the use of cp as a
phytoplankton biomass proxy [Behrenfeld and Boss, 2006; Dall’Olmo et al., 2009, 2011; Westberry et al., 2010].
Following this suggestion, we hypothesized that the seasonal changes in cp tracked the changes in
phytoplankton biomass, which indicated that the relative contribution of phytoplankton to cp was invariant
over seasons. In our study, cp was not converted to a carbon equivalent; instead, it was used as an index of
phytoplankton biomass. Therefore, the Chl a-speciﬁc attenuation coefﬁcient, cp*, calculated as the ratio of cp
to [Chl a], was used as a proxy of the phytoplankton biomass to Chl a ratio and may reveal changes in
phytoplankton physiology. Depth-dependent changes in cp* have indeed been shown to follow changes in
intracellular pigment concentration resulting from photoacclimation [Mitchell and Kiefer, 1988; Kitchen and
Zaneveld, 1990; Mitchell and Holmhansen, 1991; Morel et al., 1993].
The PROVBIO ﬂoat deployed in the Levantine Sea carried a defective transmissometer. To overcome this
problem, we followed the approach developed by Behrenfeld et al. [2005] for global estimations of phytoplankton
biomass from satellite retrievals of bbp, and used bbp (instead of cp) as an index of phytoplankton biomass. In this
case, bbp* (similar to cp*) was also used as a proxy of the phytoplankton biomass to Chl a ratio.
For the determination of the vertical proﬁle of daily photosynthetically available radiation (PAR,
mol quanta m2 d1), we used the method described below. The PAR just below the sea surface, PAR(0), was
ﬁrst determined as follows:
PARð0 Þ ¼ E d ð490; 0 ; t noon Þf


2

(3)

1

where Ed(490, 0 , tnoon) (μW cm nm ) is the noise-free downward irradiance at 490 nm, measured just
beneath the sea surface at noon [Xing et al., 2011]. The conversion factor f enables the transformation
of Ed(490, 0, tnoon) to PAR(0)(mol quanta m2 d1). This conversion factor is calculated as follows:
f¼

PARð0 Þmod
E d ð490; 0 ; tnoon Þmod

(4)

where Ed(490, 0, tnoon)mod is the clear-sky modeled value of Ed(490, 0, tnoon) for the same location and
time of the day as the measurement and PAR(0)mod is the clear-sky modeled value of PAR(0) for the
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same location and day as the measurement. The vertical proﬁle of daily PAR(z) is ﬁnally modeled through
the following equation:
PARðzÞ ¼ PARð0 Þ expðK d ðPARÞzÞ

(5)

1

where Kd(PAR) (m ) is the diffuse attenuation coefﬁcient for PAR; it is derived from equation (9) in Morel et al.
[2007] that relates Kd(PAR) to the diffuse attenuation of downward irradiance at 490 nm, Kd(490), in a layer of
thickness equal to 2 × [Kd(490)]1:
K d ðPARÞ ¼ 0:00665 þ 0:874K d ð490Þ  0:00121½K d ð490Þ1

(6)

In equation (5) (and the rest of the study), Kd(PAR) is assumed to be constant in the euphotic zone. Kd(490) is
derived from the noise-free Ed(490, z, tnoon) measurement.
The variables [Chl a](z), cp(z), bbp(z), PAR(z), PAR(0), and Kd(PAR) were interpolated every 10 days for the SPSG
and NPSG ﬂoats and every 5 days for the NWMS and LS ﬂoats. Finally, we applied a three-point (SPSG and
NPSG ﬂoats) and ﬁve-point (NWMS and LS ﬂoats) moving average to minimize the effect of mesoscale
instabilities on the seasonal phytoplankton dynamics.
2.5. Variable Deﬁnition and Calculation
The different variables used in this study and their associated symbols, deﬁnitions, and units are detailed
in Table 1.
The mixed layer depth (MLD) is deﬁned as the depth where the density is greater than 0.03 kg m3 with
respect to its value at 10 m [Montegut et al., 2004]. The MLD estimation was then interpolated every 10 days
for the SPSG and NPSG ﬂoats and every 5 days for the NWMS and LS ﬂoats. Finally, we applied a three-point
(SPSG and NPSG ﬂoats) and ﬁve-point (NWMS and LS ﬂoats) moving average.
Assuming that phytoplankton cells complete one revolution per day in the mixed layer during convective
mixing [D’Asaro, 2008], the radiant energy they receive is the average value of the PAR(z) proﬁle over the
mixed layer, hereafter denoted as PARML [Morel et al., 2010]:
PARML ¼

1 0
∫ PARð0 Þ expðK d ðPARÞzÞ dz
MLD MLD

(7)

The ﬁrst penetration depth, Zpd (m), is deﬁned as 1/Kd(PAR) [Gordon and McCluney, 1975]. Note that this
quantity is also used for ocean color remote sensing studies, where it delineates the surface layer that is seen
by the satellite. The surface values of [Chl a], cp, bbp, cp*, and bbp* ([Chl]surf, cpsurf, bbpsurf, cpsurf*, and bbpsurf*)
are calculated as the median within the ﬁrst penetration depth.
Daytime nonphotochemical quenching (NPQ) at high irradiance [Cullen and Lewis, 1995] results in a decrease of
the ﬂuorescence emission (per unit of Chl a) when the phytoplankton cells are exposed to high oversaturating
solar illumination. Such conditions are encountered within the upper layers of the ocean, especially during sunny
days. As a result, the retrieval of [Chl]surf acquired by in vivo ﬂuorometers implemented on the Bio-Argo ﬂoats
are expected to be systematically biased (depressed) at noon. [Chl]surf estimates from Moderate Resolution
Imaging Spectroradiometer (MODIS) sensor (unbiased by NPQ) are used to quantify the possible effect of NPQ on
[Chl]surf estimates from the ﬂoats. The 8 day level 3 composites in a 0.2°×0.2 box centered on the ﬂoat location
are used to provide match-up data. Figure S1 in the supporting information shows that for all ﬂoats, the
consistency between ﬂoats and satellite values in terms of seasonal dynamics is rather good. In the LS and NWMS,
there is also consistency in terms of amplitude. Here we do not attribute the underestimation of the in situ [Chl]surf
in the SPSG and NPSG compared to MODIS [Chl]surf to the effect of NPQ. Instead, we preferentially attribute
this underestimation to the calibration method, which possibly underestimates [Chl a] in such clear waters [Xing
et al., 2011]. Thus, the effect of NPQ seems to be relatively weak in our data set and does not require correction.
In the present study, we assume that in the open ocean (in particular in oligotrophic regions), the shape of the
vertical proﬁle of [Chl a] can be divided into two main types, Gaussian and sigmoid, similarly to Mignot et al.
[2011]. The Gaussian shape is representative of phytoplankton living in a stratiﬁed environment, whereas
the sigmoid shape is characteristic of phytoplankton homogeneously distributed in the mixing layer. The
mixing (stratiﬁed) period is then deﬁned as the period when the vertical proﬁle of [Chl a] has a sigmoid
(Gaussian) shape. The mixing period is highlighted by the stars in Figure 7.
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Figure 3. Illustration of the SPSG that includes the following: times series of the (a) median [Chl a] in the ﬁrst penetration depth
([Chl]surf, black circles, left axis) and median cp in the ﬁrst penetration depth (cpsurf, white circles, right axis), (b) diffuse
attenuation coefﬁcient (Kd(PAR), black circles, left axis) and ratio of (cpsurf to [Chl]surf (cpsurf*, white circles, right axis ), and
(c) average PAR in the mixed layer (PARML, black circles, left axis) and mixed layer depth (MLD, white circles, right axis). Note that
the scale of the y axis for cpsurf spans a similar dynamic range as for [Chl]surf. The shaded areas are the standard deviations
around the average cycle of [Chl]surf (dark gray shading), cpsurf (light gray shading), and cpsurf * (light gray shading).

To highlight the differences between spring, summer, and fall conditions, the data selection was performed
for the ﬁrst month (spring) and last month (fall) of the stratiﬁed period as well as for the month when the DCM
was the deepest (summer). The SPSG was special compared to other systems, because the vertical proﬁle of
[Chl a] always had a Gaussian shape; therefore, the data selection for spring and fall could not be applied.
The data collected 1 month after (spring) and 1 month before (fall) the date of the shallowest DCM were
selected and utilized in our analysis. The symbols at the top of each panel in Figure 7 indicate the selected
proﬁles (diamonds for the spring proﬁles, dots for the summer proﬁles, and triangles for the fall proﬁles).
When the vertical proﬁle of [Chl a] has a Gaussian shape, the depth of the DCM (ZDCM) is deﬁned as the depth
of the maximum [Chl a] ([Chl]DCM). The values of cp, bbp, cp*, bbp*, and PAR at ZDCM are hereafter denoted
as cpDCM, bbpDCM, cpDCM*, bbpDCM*, and PARDCM. The yearly average PAR at the DCM is PARDCM .

3. Results
In oligotrophic environments, the euphotic zone can be roughly considered as a two-layer system: (1) an
upper mixed layer, which is a priori nutrient limited but not light limited, and (2) a deeper layer, which is a
priori light limited, potentially less nutrient starved, and where the DCM develops. This conceptual scheme
will be used in the following presentation and interpretation of the results.
3.1. The Upper Euphotic Mixed Layer
The time series of [Chl]surf, cpsurf (or bbpsurf ), Kd(PAR), cpsurf* (or bbpsurf*), PARML, and MLD are shown for the
four oligotrophic environments: SPSG (Figure 3), NPSG (Figure 4), LS (Figure 5), and NWMS (Figure 6). In the
four oceanic studied regions, [Chl]surf and Kd(PAR) show maximum values during the winter mixing, whereas
cpsurf* (or bbpsurf*) reach a minimum in winter. In the NWMS, the simultaneous high values of [Chl]surf and Kd
MIGNOT ET AL.
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Figure 4. Same as in Figure 3 but for the NPSG.

Figure 5. Same as in Figure 3 but for the LS.
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Figure 6. Same as in Figure 3 but for the NWMS.

(PAR) coincide with the maximum of cpsurf at the beginning of March 2009. In the LS, the bbpsurf maximum
occurs several weeks after [Chl]surf and Kd(PAR) reach their highest values. In the SPSG and NPSG, cpsurf is
slightly lower during the winter mixing and remains relatively constant throughout the year.
Based on these results (Figures 3–6), it appears that in the oligotrophic ocean, the surface winter increase of
[Chl a] is always associated with an increase in intracellular pigmentation. In the center of the subtropical
gyres, the surface winter increase of [Chl a] is not associated with an increase of phytoplankton biomass,
whereas in the Mediterranean Sea, the surface increase of [Chl a] is concomitant with an increase of
phytoplankton biomass. This difference may be a result of the relative position of the mixed layer with
respect to the depth of the nutrient pool.
In the four regions during the winter mixing, the average light intensity for phytoplankton in the mixed layer
(PARML) is strongly reduced with respect to summer conditions (up to a factor of about 10 for the SPSG and
the NPSG and up to a factor of about 30 for the LS and NWMS; Figures 3c–6c) as a result of the concomitant
action of the reduced surface light intensity and increased turbulence. To overcome this severe light
limitation and minimize its inﬂuence on growth during the mixing period, phytoplankton respond with an
increase of intracellular Chl a content [Letelier et al., 1993; Winn et al., 1995; Morel et al., 2010].
In the center of the subtropical gyres, the mixed layer is not deep enough to reach the nutricline and
subsequently injects autochthonous nutrients in the upper layer [McClain et al., 2004]. Therefore, changes in
intracellular pigment concentration fully account for the observed surface [Chl a] increase, and overall,
phytoplankton biomass slightly decreases during the winter mixing (Figures 3a and 4a).
In the Mediterranean Sea, however, the simultaneous increase of [Chl a] and phytoplankton biomass (cp or bbp)
observed in late winter is likely an indicator of typical bloom conditions in a nutrient-replete mixed layer
(Figures 5a and 6a) [D’Ortenzio and d’ Alcala, 2009]. However, the photoacclimation process still contributes to
the surface increase of [Chl a], because the change in phytoplankton biomass accounts only for ~30% of the
observed increase of [Chl a].
Satellite data earlier showed that [Chl a] variability in the surface mixed layer of the permanently stratiﬁed
ocean reﬂects changes in intracellular pigment concentration rather than changes in phytoplankton carbon
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biomass [Behrenfeld et al., 2005, 2008; Siegel et al., 2013]. The current study provides an independent, in situ
validation of these earlier ﬁndings.
As expected, variations in [Chl]surf within the euphotic zone inﬂuence the diffuse attenuation coefﬁcient for
downwelling irradiance and therefore the amount of light available for phytoplankton growth in the layer
below this upper layer. Kd(PAR) is maximum in winter when [Chl]surf is the highest. In the next section, we
will discuss how this seasonal change in the surface layer Kd(PAR) inﬂuences the seasonal dynamics of
phytoplankton in the lower euphotic-DCM layer.
3.2. The Lower Euphotic-DCM Layer
3.2.1. Depth of the DCM
In Figure 7, the temporal evolution of the [Chl a] distribution with depth is represented for each oceanic region
under consideration in this study: Figure 7a, the SPSG; Figure 7b, the NPSG; Figure 7c, the LS; and Figure 7d,
the NWMS. The black continuous line is the MLD, and the black dashed lines are the isolumes. For each oceanic
region, the drawn isolumes comprise a range equivalent to approximately 1 standard deviation of PARDCM
(SPSG, 0.1–0.4 mol quanta m2 d1; NPSG, 0.1–0.6 mol quanta m2 d1; LS, 0.1–0.6 mol quanta m2 d1; and
NWMS, 0.1–1.2 mol quanta m2 d1).
The SPSG is characterized by a permanent DCM, whereas the DCM is destroyed in the three other regions
when the mixed layer becomes deeper than PARDCM (i.e., during the mixing period; stars in Figure 7).
Although the seasonal vertical displacement of the DCM ranges over different depths for the four oceanic
areas, it nevertheless depicts a similar and generic pattern.
1. The DCM reaches its deepest position in summer (SPSG, January; NPSG, July; LS, July; and NWMS, July;
dots in Figure 7).
2. The depth of the DCM decreases from summer to fall until the shallowest position is reached (triangles
in Figure 7).
3. During the mixing period when the MLD becomes deeper than PARDCM , the DCM is destroyed, and the
vertical proﬁle of [Chl a] shows a sigmoid-like shape (stars in Figure 7). This feature can be observed in
all of the considered regions except the SPSG, where the DCM is never destroyed and remains at its
shallowest position when the mixed layer is the deepest. In this particular case, the MLD never reaches the
depth of PARDCM .
4. In spring (diamonds in Figure 7), the restratiﬁcation of the water column enables the progressive formation of the DCM, which is located at a similar depth as in fall.
5. The DCM deepens from spring to summer.
In the four studied regions, the seasonal variation of the isolumes depicts the same displacement as the
depth of the DCM, which is shallower in spring and fall and deeper in summer. The DCM depth displacement
appears to be light driven in the four regions, as reported by LTL04 in the NPSG.
Figure 8 shows the annual (black curve) and seasonal (colored curves) average vertical distributions of [Chl a] as
a function of PAR. LTL04 showed that in the NPSG, the DCM follows a ﬁxed isolume throughout the year (i.e.,
0.5 mol quanta m2 d1; horizontal dashed line in Figure 8). However, our observations suggest that the DCM is
located at a different isolume for each season.
The seasonal DCM depth dynamics result from a light-driven low-frequency process on which higher-frequency
ﬂuctuations can be superimposed. At short time scales of several days, the DCM is tightly linked to a speciﬁc
isopycnal [Dandonneau and Lemasson, 1987; Claustre et al., 1999], and any short-term vertical displacement of
isopycnals results in a displacement of the DCM with respect to the average value of PARDCM (PARDCM ). These
short-term isopycnal ﬂuctuations are caused by tidal and near-inertial oscillations and range between 30 m
and +30 m [Letelier et al., 1993]. Compared to the study of LTL04, the ﬂoat sampling strategy adopted here
(one upward cast every 5 or 10 days) does not correct for the effects of tidal and near-inertial oscillations.
Therefore, the seasonal discrepancies in PARDCM observed here could be attributed to the higher-frequency
displacements in the DCM depth. Similarly, LTL04 suggested that the position of the DCM is inﬂuenced by
ﬂuctuations in the light ﬁeld during the several days prior to measurement. Hence, because of short time
scale changes in the cloud coverage, the actual position of the DCM may deviate signiﬁcantly from the position
estimated from the cloud coverage and light ﬁeld at the time of the measurements.
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Figure 7. Time series of the 0–300 m vertical distribution of [Chl a] for (a) SPSG, (b) NPSG, (c) LS, and (d) NWMS. The solid black
line is the mixed layer depth (MLD). The black dashed lines are the isolumes. For each oceanic region, the isolumes are within
a range equivalent to the yearly average light at the DCM (PARDCM ), which is approximately 1 standard deviation (SPSG:
2 1
2 1
2 1
0.1–0.4 mol quanta m d , NPSG: 0.1–0.6 mol quanta m d , LS: 0.1–0.6 mol quanta m d , and NWMS: 0.1–1.2 mol
2 1
quanta m d ). The symbols at the top of each panel indicate the proﬁles that have been used to compute the seasonal
average proﬁles displayed in Figures 8 and 10 (diamond for the spring proﬁles, dots for the summer proﬁles, and triangles
for the fall proﬁles). The stars represent the proﬁles during the mixing period.
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Figure 8. Vertical distribution of [Chl a] as a function of PAR for the four oligotrophic regions and over different time periods:
2 1
(a) SPSG, (b) NPSG, (c) LS, and (d) NWMS. The dashed line corresponds to the 0.5 mol quanta m d isolume.

On a yearly basis, the absolute value of light at the DCM differs slightly between oceanic regions (black line
in Figure 8). The lowest value is found in the SPSG (mean = 0.22 mol quanta m2 d1,
SD = 0.12 mol quanta m2 d1, and n = 36). The LS and the NPSG have a similar intermediate value
(NPSG, mean = 0.34 mol quanta m2 d1, SD = 0.23 mol quanta m2 d1, and n = 33 and LS,
mean = 0.32 mol quanta m2 d1, SD = 0.23 mol quanta m2 d1, and n = 53). Finally, the highest value is
found in the NWMS (mean = 0.66 mol quanta m2 d1, SD = 0.54 mol quanta m2 d1, and n = 51). Therefore,
the DCM becomes shallower relative to the light intensity from blue (SPSG) to green (NWMS) waters, which
suggests that the spectral quality of light may affect the position of the DCM with respect to isolumes.
Because of the limited set of wavelengths at which irradiance is measured by the Bio-Argo ﬂoat, the
impact of spectral changes in irradiance with depth on the DCM location is tentative. Nevertheless, in
clear (and stable) waters associated with “deep” DCMs, such as in the SPSG, which is the end member of
such systems [Claustre et al., 2008], photosynthetic organisms like Prochlorococcus [Ras et al., 2008] have
adapted their pigment composition (e.g., divinyl chlorophyll a and divinyl chlorophyll b) to match and
take advantage of the spectral quality of available photons. As a consequence, for a given PAR at the
DCM, deeper DCMs beneﬁt from larger photosynthetically usable radiation (the convolution of PAR with
photosynthetic absorption [e.g., Morel et al., 1987]) than shallower DCMs. In other words, phytoplankton
and especially Prochlorococcus at a deep DCM can accommodate lower PAR levels, because they are
more efﬁcient at capturing the remaining blue photons. Evidence for this adaptation may be observed
in the decreasing yearly average isolume according to the increasing yearly average DCM depth
(see Figure 12c).
In the following sections, we assume that the seasonal depth displacements of the DCM are light driven and
tightly linked to a unique absolute value of irradiance (PARDCM ) regardless of the season. Thus, following the
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Figure 9. Relationship between various descriptors of oligotrophic regimes during the stratiﬁed period. (a) Scatterplot of
the depth of the DCM ZDCM (m) as a function of the inverse of the diffuse attenuation coefﬁcient of PAR 1/Kd(PAR)
(m) according the oceanic regions. The black line represents the relationship ZDCM = 4.92 · 1/Kd(PAR). (b) Scatterplot of

2 1
ZDCM (m) as a function of PAR under the sea surface PAR(0 ) (mol quanta m d ) according the oceanic regions. (c) Scatterplot
3
of 1/Kd(PAR) (m) as a function of the median [Chl a] in the ﬁrst 40 m [Chl]surf (mg m ) according the oceanic regions.
3
(d) Scatterplot of ZDCM (m) as a function of [Chl]surf (mg m ) according the oceanic regions.

Beer–Lambert law, the depth of the DCM, ZDCM, can be expressed as a function of PAR under the sea surface,
PAR(0), and diffuse attenuation coefﬁcient, Kd(PAR), which is considered constant with depth:


(8)
Z DCM ¼  log PARDCM = PARð0 Þ = K d ðPARÞ
Therefore, the depth of the DCM is correlated with 1/Kd(PAR) and PAR(0) (i.e., ZDCM increases when Kd(PAR)
decreases and PAR(0) increases and vice versa). However, variations in ZDCM appear to be more sensitive to
Kd(PAR) than to PAR(0), because the incident ﬂux has a logarithm impact on the DCM depth, whereas a
change in attenuation has a linear impact. For a constant PARDCM of 0.35 mol quanta m2 d1 and Kd(PAR) of
0.045 m1, a 50% increase in PAR(0) results in a deepening of the DCM by ~9%. Inversely, assuming PAR
(0) = 45 mol quanta m2 d1, a 50% decrease in Kd(PAR) results in a deepening of the DCM by ~100%.
Figures 9a and 9b show the relationship between ZDCM and 1/Kd(PAR) and between ZDCM and PAR(0). As
expected from equation (8), ZDCM deepens as Kd(PAR) decreases (Figure 9a) and PAR(0) increases (Figure 9b),
although this latter relationship is considerably weaker. For a similar value of PAR(0) among the four basins,
different values of ZDCM are found (Figure 9b), whereas there is a unique common slope (in the ﬁrst
approximation) linking ZDCM and 1/Kd(PAR) among the four regions, which indicates a linear regression
through the origin (black line in Figure 9a):
Z DCM ¼ 4:92 =K d ðPARÞ; p < 0:001; n ¼ 173:

(9)

If the assumption that the DCM is tightly linked to a unique isolume regardless of the season is relaxed in
equation (8), then equation (9) suggests that the DCM lies on a ﬁxed percent isolume independent of basin
and season (i.e., PARDCM = 0.73% PAR(0)]. In this case, no variability in the relationship between ZDCM
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and 1/Kd(PAR) should be observed, and the DCM layer should coincide with a higher light intensity in summer
compared to spring and fall. However, in the LS and NWMS, the DCM is located at a higher light intensity
in spring (Figures 8c and 8d). Moreover, there is a signiﬁcant variability in each oceanic region between ZDCM
and 1/Kd(PAR) (Figure 9a), even if this variability could also be attributed to short-term displacements of the
DCM regardless of the isolume position (as mentioned above). For those reasons, we consider equation (9) to
be representative of yearly average conditions: log ½PARDCM /PARð0 Þ = 4.92, where PARð0 Þ is the yearly
average PAR(0). Considering a similar PARð0 Þ = 45 mol quanta m2 d1 value for the four oceanic regions, an
estimation of PARDCM ~ 0.33 mol quanta m2 d1 can be derived. This estimation is close to the PARDCM
values found in the LS and NPSG (Figure 8). Note that in the SPSG and NWMS (Figure 9a), data show higher and
lower values compared to the relationship of generic ZDCM to 1/Kd(PAR) (black line). The slopes linking ZDCM
and 1/Kd(PAR) are then 5.46 (p < 0.001, n = 36) and 4.21 (p < 0.001, n = 51), which leads to a PARDCM of ~0.19 and
0.67 mol quanta m2 d1, which is consistent with the observed values (Figure 8).
At this stage, it should be remembered that Kd(PAR) is derived from the diffuse attenuation coefﬁcient for
downward irradiance at 490 nm, Kd(490), at a depth equivalent to 2 times the ﬁrst penetration depth (see also
equation (6)). In case 1 waters, there is a direct link between the attenuation coefﬁcient Kd and [Chl a] [Morel,
1988; Morel and Maritorena, 2001], which is clearly highlighted in Figure 9c. Hence, as expected, the depth of
the DCM is inversely related to [Chl]surf (Figure 9d), an observation that was previously made by Mignot et al.
[2011] for the global ocean.
3.2.2. Magnitude of the DCM
The conceptual analysis of LTL04 is based on the comparison of the average vertical proﬁle of [Chl a] between
winter and summer. In their study, a DCM was present during winter, which is not the case for the current
observations (except in the SPSG). We apply the same methodology as LTL04 except that we compared the
average vertical proﬁles of [Chl a], cp, and cp*([Chl a], bbp, and bbp* for the LS) of spring, summer, and fall
(Figure 10). Because the depth of the DCM is different throughout the seasons, the seasonal average proﬁles are
represented according to an adjusted depth (i.e., the actual depth minus the depth of the DCM [Hense and
Beckmann, 2008]). The seasonal average of [Chl a], cp, and cp*([Chl a], bbp, and bbp* for the LS) at the DCM was
compared using a Student’s t test (level of signiﬁcance p = 0.05).
In the four oceanic regions and for each season, cp* or bbp* always reaches a minimum at the depth of the DCM
(adjusted depth = 0). At the DCM, we observe a statistically signiﬁcant increase in [Chl]DCM from spring to
summer and a decrease from summer to fall (Figures 10a, 10d, 10g, and 10j; [Chl a] at adjusted depth = 0).
The spring values are not statistically different from the fall values for the SPSG, NPSG, and NWMS. Spring values
are greater than fall values for the LS. Similar statistically signiﬁcant patterns are recorded in the cp (or bbp in the
LS) signal at the DCM for the four oceanic regions (Figures 10b, 10e, 10h, and 10k; cp (or bbp in the LS) at an
adjusted depth = 0) except that cpDCM is higher in spring compared to fall in the SPSG, NPSG, and LS. In addition,
cpDCM* (bbpDCM* in the LS) is not signiﬁcantly different between seasons for the four oceanic regions (Table 2
and Figures 10c, 10f, 10i, and 10k; cpDCM* (or bbpDCM* in the LS) at adjusted depth = 0) except in the LS and
NPSG, where cpDCM* is signiﬁcantly lower during summer (Figures 10f and 10l). Finally, for the four oceanic
regions investigated here, the summer cp (bbp) proﬁles present a pronounced maximum at the depth of the
DCM (DBM). This DBM is also evident during springtime in the LS.
Based on these observations, it appears that the presence of a deep chlorophyll maximum in oligotrophic
regions always results from a photoacclimation process. In each of the regions investigated in this study, the
[Chl a] at the DCM increases from spring to summer and then decreases from summer to fall. The simultaneous
seasonal variations of [Chl]DCM and cpDCM (bbpDCM in the LS) and the stability of cpDCM* (bbpDCM* in the LS)
over the seasons indicate that [Chl a] variations in the lower euphotic zone result from biomass variations and
not from photoacclimation processes. Therefore, in summer, in addition to the photoacclimation effect on
[Chl a], the DCM also results from a change in biomass. Furthermore, the stability of cpDCM* (bbpDCM* in the LS)
over the seasons supports the observations of LTL04, who indicated that the amount of photons reaching the
depth of the DCM remains constant during the year. This result implies that the accumulation of phytoplankton
biomass from spring to summer is not triggered by a change in the light level but by an increase in the
nutrient concentration in the lower euphotic zone. Indeed, the pool of nutrients present at depth becomes
available to phytoplankton only when the isolumes start deepening from spring to summer [Letelier et al., 2004].
Yet the nutrient supply stimulates phytoplankton growth, which might initiate a decoupling between the
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3

1

Figure 10. Comparison of the average depth distribution of [Chl a] (mg m ), cp (bbp in the LS) (m ), and ratio cp* (bbp* in
2
1
the LS) (m mg ) for spring (green line), summer (red line), and fall (blue line) for the (a–c) SPSG, (d–f) NPSG, (g–i) NWMS,
and (j–l) LS. The adjusted depth (i.e., depth normalized by the depth of the DCM [Hense and Beckmann, 2008]) has been
selected to account for the vertical displacements of the DCM between spring, summer, and fall. The colored shading
represents the standard deviations around the corresponding seasonal average proﬁles.

phytoplankton division and loss (grazing) rate and cause the phytoplankton biomass to accumulate. Since the
grazing losses are proportional to the concentration of food (biomass) [Behrenfeld and Boss, 2014], the biomass
continues to accumulate (i.e., from spring to summer) as long as the rate of phytoplankton division is increasing.
The equilibrium between the grazing losses and division rate is reestablished when the isolumes stop
deepening in summer (Figure 7). Finally, when isolumes start shoaling in fall, the nutrients become progressively
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Figure 11. Conceptual scheme of the dynamics of phytoplankton that assumes a two-layer euphotic zone in (a) the subtropical
gyres and (b) the Mediterranean Sea.

out of reach for the phytoplankton. This nutrient depletion causes phytoplankton biomass to further decrease
because the phytoplankton cell division rate becomes lower than the grazing loss rate. In this depth horizon, the
phototrophic production of organic matter from spring to summer corresponds to new primary production.
Therefore, the formation of a DBM can be considered as clear evidence of new production occurring at the DCM.

4. Conclusion
Before the use of bio-optical proﬁling ﬂoats, studies of the seasonal dynamics of phytoplankton biomass in
oligotrophic environments occurred at permanent oceanic stations or were based on ocean color satellite
imagery. Although ﬁxed oceanic stations perform in situ biogeochemical measurements within the
euphotic zone with sparse repetitive sampling, satellite remote sensing platforms only sample the upper
part of the euphotic zone. Therefore, large uncertainties remain in the seasonal behavior of oligotrophic
phytoplankton communities. In contrast, Bio-Argo ﬂoats offer the invaluable advantage of documenting
the deep seasonal dynamics of biogeochemical properties with a high sampling frequency (5–10 days)
over relatively long periods of time (1–2 years) in remote oceanic regions. Our bio-optical proﬁling ﬂoats
MIGNOT ET AL.

©2014. American Geophysical Union. All Rights Reserved.

17

Global Biogeochemical Cycles

10.1002/2013GB004781

deployed in four oligotrophic environments
have provided a unique set of physical and
bio-optical data that allowed studying the
seasonal dynamics of phytoplankton in a
holistic manner.
A common mechanism drives the seasonal
pattern of phytoplankton biomass in the euphotic
layer independent of the considered region.
Figure 11 proposes a conceptual view of this
mechanism. In the lower part of the euphotic
layer, the seasonal displacement of the DCM is
light driven. During winter, [Chl a] increases in the
upper euphotic mixed layer as a result of
photoacclimation (Figures 11a and 11b). In the
Mediterranean Sea (Figure 11b), the [Chl a]
increase is also associated with an increase in
biomass that results from nutrient injection. The
high surface Chl a concentration results in a light
attenuation increase from fall to spring.
Consequently, the isolumes and depth of the
DCM become shallower. However, from spring to
summer, when the [Chl a] in the upper part
decreases along with the decrease in light
attenuation, the DCM deepens and becomes
closer and sometimes reaches the nitracline. This
results in an enhancement of phytoplankton
biomass at the DCM.
Although the same seasonal dynamics are
observed in the four studied oligotrophic
regions, there is a clear regional gradient in the
characteristics of the phytoplankton vertical
Figure 12. Boxplot of the average (a) [Chl a] in the ﬁrst penetra- distribution, which is revealed by [Chl]surf,
tion depth [Chl]surf, (b) [Chl a] at the DCM [Chl]DCM, (c) depth of [Chl]DCM, and ZDCM. For each region considered
the DCM (ZDCM) during the stratiﬁed period, and (d) mixing
in our analysis, Figure 12 presents the boxplot of
period (expressed in days) for the four oceanic regions.
the stratiﬁed period: Figure 12a = [Chl]surf,
Figure 12b = [Chl]DCM, Figure 12c = ZDCM, and
Figure 12d = the mixing period (i.e., the period when the vertical proﬁle of [Chl a] has a sigmoid shape). The
SPSG is considered as the end-member of the oligotrophic ocean [Claustre and Maritorena, 2003; Claustre
et al., 2008] and shows the lowest values of [Chl]surf and [Chl]DCM as well as the deepest ZDCM. These
quantities then increase (decrease for ZDCM) from the SPSG to the NPSG, LS, and NWMS. This gradient is
closely related to the mixing period, which is null in the SPSG and the longest in the NWMS (~150 days). Thus,
the duration (and intensity) of the winter mixing acts as a seasonal reset of the oligotrophic conditions. In the
SPSG where this reset does not occur (at least for the year examined in this study), the observed pattern is
essentially governed by the annual cycle of surface irradiance and MLD and representative of a steady state
system. In the NWMS, however, the duration and intensity of the winter mixing allow a signiﬁcant amount of
nutrient availability for the growing season. Nutrient exhaustion arrives relatively later in the season and
delays the progressive establishment of oligotrophic conditions, which are restricted to a shorter period.
This analysis considers the ecosystem from a “bottom-up” perspective. We focus only on resources regulating
phytoplankton growth (light and nutrients) rather than factors inﬂuencing losses. Moreover, the role of nutrients
is investigated indirectly by examining the dynamics of MLD and therefore remains to be conﬁrmed. Further
investigations using bio-optical ﬂoats equipped with nitrate sensors [Johnson et al., 2010] are required to
properly assess the role of nutrients in this mechanism. Additionally, the role of grazers (top-down control)
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should also be considered, because they are known to be responsible for the decline of phytoplankton biomass
in the lower euphotic-DCM layer from summer to fall.
In this study, we present an analysis of continuous 1 year time series acquired by four ﬂoats. Restricting our
analysis to a single year limits the possibility of developing a solid statistical assessment of the uncertainties
that may bias the described seasonal patterns. Even if the reproducibility of seasonal patterns in the four
distinct regions provides some level of conﬁdence to our interpretation, future studies should clearly
consider data sets acquired over longer time periods (several consecutive years). Similarly, the sampling
strategy adopted here was not optimal for examining the seasonal dependency of the DCM to one particular
isolume. New missions should be considered to properly assess this speciﬁc question using Bio-Argo ﬂoats.
In general, phytoplankton blooms occurring in the upper euphotic mixed layer of the temperate and subpolar
ocean are considered to be important drivers of the ocean carbon uptake and marine food chain. Because
of the absence of phytoplankton blooms in the upper euphotic mixed layer of the central part of the subtropical
gyres, these remote ecosystems have long been considered to support exclusively regenerated production
with limited export of carbon. In contrast, our observations suggest that new production occurs from spring to
summer in the lower part of the euphotic layer (~150–200 m) of these systems. Even if this deep production
is signiﬁcantly lower than that supported by upper layer phytoplankton blooms, it may still be sufﬁcient to
sustain upper trophic levels and the export of organic matter. Finally, the evidence of a common phytoplankton
biomass seasonal pattern in four distinct remote oceanic regions is remarkable and suggests that a similar
mechanism might operate in all of the oligotrophic areas of the ocean where a DCM forms, which accounts for
50% of the global ocean.
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